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A B S T R A C T

Microbial sulfate reduction in marine sediments is coupled either to anaerobic oxidation of methane (S-AOM) or organic material (organoclastic sulfate reduction,
OSR). These two pathways of sulfate reduction are important components of the geochemical cycles of both sulfur and carbon in marine systems because they change
the redox state of both elements and increase the dissolved inorganic carbon (DIC) and total alkalinity (TA) concentrations in sediment pore water. Here, we
determine reaction rates of OSR and S-AOM in the sulfate methane transition zone (SMTZ) of the sediment based upon the different effect of each process on DIC and
TA. Although TA has been used as a diagnostic proxy for the identification and determination of the governing chemical processes in numerous previous studies, we
show that it can also be applied to disentangle and quantify net sulfate reduction rates in the SMTZ, provided that OSR and S-AOM are the principal processes that
affect DIC and TA, and that the effects of other processes, such as carbonate mineral precipitation, are quantified by additional data. By integrating the obtained rates,
we determine the contribution of each pathway to the total sulfate reduction. Calculated results from pore water profiles from the Southeastern Mediterranean
continental shelf indicate that within the SMTZ, located at a depth of approximately 1m, each pathway accounted for about half of the total sulfate reduction. The
calculated OSR and S-AOM rates were similar to estimations of sulfate reduction rates based upon pore water sulfate profiles from studies in other sedimentary
systems, in spite of the differences between these environments and the Southeastern Mediterranean continental shelf, showing that TA and DIC are a robust method
for calculating net sulfate reduction. Furthermore, we show here that TA considerations can be used to quantitatively constrain the fractions of reduced sulfate that
eventually precipitates as pyrite and FeS, versus the fraction that is oxidized and precipitates as elemental sulfur.

1. Introduction

The oxidation of organic material in marine sediments is driven by
the microbial reduction of a suite of electron acceptors, ranging from
oxygen near the sediment-water interface to sulfate in the deeper parts
of the sediments. When sulfate is depleted, the oxidation of organic
material continues through fermentation and methanogenesis (Emerson
et al., 1980; Froelich et al., 1979). The oxidation of organic material by
sulfate reduction (organoclastic sulfate reduction, OSR) follows the
generalized reaction:

+ + + +2CH O SO 2HCO HS H2 4
2

3 (1)

where CH2O represents organic material in which the oxidation state of
the carbon is 0, which represents the mean of a variety of organic
compounds (Arndt et al., 2013). Sulfate is readily available as a term-
inal electron acceptor for organic material reduction in marine systems,

due to its high concentration in seawater (28mM), making OSR a
quantitatively important remineralization processes, despite its lower
energy yield relative to other electron acceptors (Froelich et al., 1979;
Jørgensen, 1982). OSR is particularly important in locations where the
burial rate of organic matter is high enough to allow significant por-
tions of labile organic material to escape oxidation by other electron
acceptors (Jørgensen and Kasten, 2006).

An additional pathway for microbial sulfate reduction is by anae-
robic oxidation of methane (S-AOM) (Barnes and Goldberg, 1976;
Martens and Berner, 1977; Reeburgh, 1976, 2007). This process follows
the generalized reaction:

+ + +CH SO HCO HS H O4 4
2

3 2 (2)

The concurrent consumption of sulfate and methane results in a
distinctive Sulfate-Methane Transition Zone (SMTZ), in which sulfate
and methane show opposing vertical gradients (e.g. (Blair and Aller,
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1995; Borowski et al., 1996; Iversen and Jørgensen, 1985; Reeburgh,
1976; Sansone and Martens, 1981). Due to the required presence of
methane, S-AOM is limited to the SMTZ, whereas OSR can occur above,
within and below the SMTZ (Berelson et al., 2005; Holmkvist et al.,
2011; Komada et al., 2016; Treude et al., 2014; Treude et al., 2005).
Notably, the vertical distribution of each pathway along the sediment
column is also determined by the reactivity of the organic material in
the sediment (Meister et al., 2013).

The reduction of sulfate in marine sediments by both OSR and S-
AOM results in the subsequent precipitation and burial of H2S in iron
minerals, primarily pyrite (FeS2), which is the main sink for sulfur in
the ocean (Berner, 1982; Fike et al., 2015; Jørgensen and Kasten, 2006),
and these processes thus play a major role in the global sulfur cycle.
Furthermore, S-AOM is a critical pathway for methane consumption,
which effectively prevents the release of most methane produced in
marine sediments to the ocean and atmosphere (Reeburgh, 2007;
Valentine, 2002). However, the geochemical implications of sulfate
reduction are not restricted to the cycling of sulfur and organic carbon.
Both S-AOM and OSR produce HCO3

−, thus increasing the dissolved
inorganic carbon (DIC) and total alkalinity (TA) concentrations in the
pore water. In turn, the increase in DIC and TA increases the saturation
level of carbonate minerals, which often results in the precipitation of
authigenic carbonates from the pore water (Gieskes et al., 2005;
Jørgensen, 1992; Magalhães et al., 2012). Sun and Turchyn (2014)
estimated that the authigenic precipitation of carbonate minerals ac-
counts for at least 10% of the annual CaCO3 accumulation in marine
sediments, making it an important sink for both carbon and calcium.
Finally, as the sulfide produced by OSR and S-AOM (Eqs. (1) and (2))
may interact with iron minerals such as oxides, carbonates, and phos-
phates, these sulfate reduction pathways also affect the oceanic cycling
of iron and phosphorus (Egger et al., 2016; Hsu et al., 2014; Jørgensen
et al., 2004; März et al., 2008, 2018; Neretin et al., 2004). Considering
the diversity of processes and element cycles that interact, the me-
chanistic and quantitative understanding of the processes occurring in
sediments in which both OSR and S-AOM take place is biogeochemi-
cally important, yet highly challenging. In particular, disentangling the
relative contribution of S-AOM and OSR to sulfate reduction, their
vertical distribution along the sediment column, and their reaction rates
is impeded by the fact that both pathways use sulfate as a reactant and
release the same products (sulfide and bicarbonate). The reactants
specific to each process do not mitigate this problem, since methane
measurements in sediment pore water are often inaccurate due to de-
gassing during sampling (e.g. Wallace et al. (2000)). Furthermore, al-
though the abundance of organic material in marine sediments and OSR
rates are well correlated (Jørgensen and Kasten, 2006), this correlation
cannot be used as an explicit indicator for OSR rates. Two main ap-
proaches have been used to differentiate S-AOM from OSR in marine
sediment: (1) Experimental measurement of S-AOM and OSR rates
using radioactive tracers (Fossing and Jørgensen, 1989; Roy et al.,
2014; Treude et al., 2003, Treude et al., 2014; Treude et al., 2005) and
(2) model calculations based on measured geochemical pore water data
(Aharon and Fu, 2000; Antler et al., 2014, 2015; Berelson et al., 2005;
Borowski et al., 2000; Fossing and Jørgensen, 1989; Reeburgh, 1976;
Roy et al., 2014; Treude et al., 2003, 2005, 2014). Komada et al. (2016)
extended this approach to include DIC, organic material and methane
fluxes, as well as their 13C and 14C isotopic composition. This approach
usually relies on Fick's law to derive flux balances for specific regions in
the sediment column, such as the SMTZ (e.g. (Berelson et al., 2005;
Borowski et al., 1996; Burdige and Komada, 2011; Komada et al., 2016;
Niewohner et al., 1998; Reeburgh, 1976; Snyder et al., 2007)). Alter-
natively, the second derivative of concentration with depth can be used
to calculate the reaction rates (e.g. (Fossing et al., 2000; Jørgensen and
Parkes, 2010; Pastor et al., 2017; Sivan et al., 2007)). The second de-
rivative of the concentration provides additional information about the
distribution of the reaction rates along the sediment column, whereas
flux estimations average certain regions of the sediment (e.g. the SMTZ)

and assume linearity along the concentration gradients. However, cal-
culations based on the second derivative require a continuous con-
centration profile and the chemical data are usually discrete. Conse-
quently, the usage of a smoothing algorithm is necessary, which in turn
affects the accuracy of the obtained profiles (Lettmann et al., 2012).
This choice between using flux-balance calculations (first derivative)
and reaction rate profiles (second derivative) is particulary important to
the determination of the relative contribution of S-AOM and OSR to the
net sulfate reduction and/or DIC production in the SMTZ, because co-
existing processes in averaged regions of the sediment column may
complicate the interpretation of the results. For example, the produc-
tion of methane in marine sediments usually follows Eqs. (3) and (4):

+ +CH O H O CO 2H (fermentation)2 2 2 2 (3)

+ +CO 4H CH 2H O (methanogenesis)2 2 4 2 (4)

Burdige and Komada (2011) showed that if the methane that is
produced within the sediment column by Eqs. (3) and (4) is recycled by
S-AOM (Eq. (2)), the net stoichiometry in terms of sulfur, DIC and TA is
identical to that of OSR (Eq. (1)). In this case, relying on the sulfate
and/or DIC fluxes to the SMTZ may underestimate the contribution of
S-AOM to sulfate reduction (or DIC production) in the SMTZ. This
problem can be mitigated by calculating the specific reaction rate
profiles of methanogenesis, S-AOM and OSR, provided that sufficient
data are available.

Notably, when profile-based sulfate reduction rates are compared to
radiotracer incubation rates (e.g. (Fossing et al., 2000; Iversen and
Jørgensen, 1985; Jørgensen and Kasten, 2006; Jørgensen and Parkes,
2010; Treude et al., 2003; Treude et al., 2014; Treude et al., 2005)), the
former tend to be lower. This discrepancy was suggested to be caused
by the key difference that sulfate profiles represent the net sulfate
consumption rates and estimates from the radiotracer incubations are
closer to the gross rates (Jørgensen and Kasten, 2006; Jørgensen and
Parkes, 2010; Jørgensen et al., 2001).

Since TA is affected by OSR and S-AOM (Eqs. (1) and (2)), it can be
used as a proxy for these processes. This has been recognized and ap-
plied in numerous studies in the past with respect to sulfate reduction
processes (Berner et al., 1970; Kastner et al., 2008; Pohlman et al.,
2008; Sholkovitz, 1973; Snyder et al., 2007), as well as to other pro-
cesses such as silicate weathering (Kim et al., 2016; Scholz et al., 2013;
Wallmann et al., 2008) and iron and manganese reduction (Aller et al.,
1986; Aller and Rude, 1988). However, in all of these studies, TA has
been used as a diagnostic proxy, which serves mainly to distinguish
between different processes based on their stoichiometry, rather than as
a quantitative proxy. To the best of our knowledge, TA has not been
used quantitatively for the determination of sulfate reduction rate
profiles to date. Here, we show that TA can be used for such a quan-
titative measurement and estimate the rates of sulfate reduction by OSR
and by S-AOM based on TA and DIC profiles, using the different effects
of each process on DIC and TA per mol sulfate reduced ( andDIC

SO
TA
SO4 4

,
respectively).

2. Methods

2.1. Sampling

Sediment cores were collected from the Southeastern Mediterranean
continental shelf during two research cruises conducted in September
2015 and January 2017 from sampling station SG1 (32°57′83 N,
34°55′29E; Fig. 1). The station is located at water depth approximately
85m and the bottom seawater temperature was about 16 °C. It was
chosen for this study because high levels of methane and distinctive
SMTZ has been previously observed in the upper few meters of the
sediment (Sela-Adler et al., 2015). Notably, we define the SMTZ as the
region of the sediment in which pore water sulfate and methane con-
centrations have opposite gradients. The sediment cores, which
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extended to 5.5 and 5.75m, were sampled using a Benthos 2175 piston
corer equipped with a plastic liner from sediment. In addition, short
sediment cores (0 to 30 cm) were collected with a 0.0625m2 box corer
(Ocean Instruments BX 700 Al). The long sediment cores were sliced
immediately onboard at intervals of 25–40 cm. The short sediment
cores were subsampled with a plastic cylinder with side holes. Directly
after slicing, 1.5 mL of sediment was sampled with a cut-off syringe and
immediately transferred into 10mL crimped glass bottles containing
5mL of 1.5M NaOH for methane analysis. The glass bottles were flu-
shed with N2 prior to the cruise, and were constantly flushed with Ar
during the sediment sampling. Next, 30mL aliquots were sampled from
the sediment slices using cut-off syringes and were transferred under
Ar-flush into 50mL centrifuge vials. Pore water was separated from
these aliquots by centrifuging at 4 °C less than 20 h after sampling. The
extracted pore water was filtered through a 0.2 μm PTFE filter (Sigma
Aldrich) into the vessels used for each of the analyses. An additional
5mL sediment aliquot was transferred into a scintillation vial for por-
osity measurement.

2.2. Pore water chemistry analyses

Dissolved methane concentrations were measured from the head-
space of the 10-mL bottles by flame ionization gas-chromatograph with
precision (average deviation of the mean of duplicate samples)
of± 0.4mM. The detection limit of the methane measurement was
50 μmol L−1. The δ13CCH4 was measured with a gas source isotope ratio
mass-spectrometer equipped with a PreCon interface and a precision of
0.5‰. Pore water for TA analyses was stored in capped plastic syringes
at 4 °C until analysis, 2–7 days after the cruise. To verify that the TA of
the samples was not changing during their preservation due to the
precipitation of carbonate minerals or other processes, we repeatedly
measured the TA of one pore water sample over a period of 18months.
These repeated measurements showed no significant changes in TA
with time (SI, Table 1). TA measurements were conducted by po-
tentiometric titration (785 Titrino DMP titrator, Metrohm). The titrant
(HCl, 0.01M) was prepared from a commercial standard titrant
(Merck). The TA was determined from the titrant volume at the titra-
tion end-point. The precision of the TA measurements (average devia-
tion from the mean of duplicate measurements) averaged±0.01mM
for the entire dataset. Filtered pore water for DIC and the isotopic
composition of DIC (δ13CDIC) was stored similarly to the TA samples
until analysis 2–3 days after sampling. Approximately 0.3 mL of pore
water was injected into a He-flushed vial, containing H3PO4. The

13C/12C ratios of the DIC (expressed as δ13CDIC= (Rsample/RSTD-
1)× 1000, where Rsample and RSTD denote the 13C/12C in the sample
and in VPDB standard, respectively), were analyzed on a DeltaV
Advantage Thermo isotope-ratio mass-spectrometer. The errors on
δ13CDIC values and DIC values (average deviation from the mean of
duplicate measurements) were smaller than 0.1‰ and 0.2mM, re-
spectively.

Samples for sulfate, magnesium and calcium were sealed in a 1.5mL
snap cap vial and kept at 4 °C until analysis, which was conducted by a
Perkin Almer Optima 3300 inductively coupled plasma atomic emission
spectrometer using Sc as an internal standard. The analytical error as-
sociated with these measurements (average deviations from repeated
measurements of a seawater standard) was± 1%. The detection limit
was 0.5 mM for sulfate, 0.5 mM for magnesium and 0.2 mM for calcium.

Samples for sulfide analysis were preserved in the centrifuged pore
water by addition of a 20% (wt/v) Zn-acetate solution. Sulfide was
measured using the spectroscopic method of Cline (1969) at a wave-
length of 665 nm. It should be noted that for the dataset discussed in
this article, no measurement exceeded the method detection limit
(2 μM).

2.3. Sediment analyses

Sediments for solid phase analyses were prepared by centrifugation,
after which excess pore water was decanted from the vials. For organic
carbon measurement, carbonate weight percentage and isotopic com-
position, approximately 10 g of wet sediment was dried at 60 °C until no
significant weight change was observed, usually after 60 h. The dry
sediments were then ground using a manual mortar grinder to ensure
homogeneity of the sediment. More information about these measure-
ments is found in the supplementary information linked to this paper
(SI sections 3–7). The sediment porosity was measured by drying ap-
proximately 5 g of sediment at 60 °C, until no further weight loss was
observed, approximately 48 h later. Porosity was calculated as the
weight loss (i.e. water content) from the initial sediment weight.

The reactive iron and pyrite fractions in the sediment were mea-
sured after sequential extraction using HCl and HNO3, respectively
(Huerta-Diaz and Morse, 1990). Briefly, a weighed amount of sediment
(sediments for sequential Fe-extractions were neither dried nor ground)
was placed in 50mL centrifuge vial. To extract the HCl-soluble iron
phases, the sediments were immersed in 10M HCl and shaken (60
RPM) for 36 h at room temperature. Then, the vials were centrifuged
and the acid was decanted into an additional vial. The remaining se-
diment was then washed three times with double distilled water
(DDW), and the washes were decanted into the vial containing the acid
after centrifugation. A small volume of the acidic solution was trans-
ferred into a 15mL vial containing 0.1 mL of ascorbic acid (10mM) and
0.1 mL of Ferrozine reagent dissolved in NH4-acetate buffer (Stookey,
1970). The Fe(II) concentration in the HCl+DDW mixture was mea-
sured spectrophotometrically, using a Spectroquant® Pharo100 spec-
trophotometer (Merck KGaA, Darmstadt, Germany) at 562 nm. Next,
1M HNO3 was added to the sediments, and the same procedure was
repeated. In this extraction, the Fe(II) in the acid+DDW mixture re-
sulted from dissolution of pyrite.

2.4. Fluxes and reaction rate calculations

Diffusive fluxes were calculated according to Fick's First Law:

=F D C
ZX x

x
(5)

where Fx is the flux of species X (mol cm−2 d−1), ϕ is the sediment
porosity, Dx is the tortuosity corrected diffusion coefficient of species X
(corrected according to Boudreau (1997), =Dx

D
ln(1 ( ))

0
2 , cm2 d−1), and

C
Z
x is the vertical concentration gradient of species X (mol cm−3). The

Fig. 1. Study site.
The location of the sampling station sampled in this study (SG1), at the Eastern
Mediterranean continental shelf.
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values of D0 were taken from Schulz (2006) for 15 °C.
Reaction rates were calculated according to the diagenetic equation

of Berner (1980). Since the processes studied in this work occur at
greater depths than those that are affected by bioturbation and irriga-
tion (Treude et al., 2008), and considering the conservative behavior of
Na+ and Cl− along the sediment column (data not shown) and the
small changes in porosity we observed near the SMTZ, which is the
focus of this research, we neglect bioturbation and advection, and omit
their respective terms from the Berner (1980) equation. Assuming
steady-state results in Eq. (6):

=
( )

R 1 D

zx
x

C
Z
x

(6)

The reaction rates were calculated using data smoothed by a
MATLAB© smoothing spline algorithm. The tolerance coefficients for
the smoothing spline (λ) were 1.7×10−5 for the data from September
2015 and 2.7×10−5 for the data from January 2017. These values
were assigned to produce a realistic, yet smooth trend, constrained by
extrapolation to reasonable values at the sediment-seawater interface.

2.5. Model estimations of S-AOM and OSR based on DIC and TA

2.5.1. General approach
The approach applied here for estimating OSR and S-AOM rates is

based on the different impact of each of these processes on the DIC and
TA in the pore water (Eqs. (1) and (2)). Assuming Eq. (1) stoichiometry,
OSR increases both DIC and TA by 2mol per mole sulfate reduced,
hence = = 2DIC OSR

SO
TA OSR

SO4 4
. S-AOM, also increases TA by 2 (Eq.

(2)), however, the DIC increase is half, so that = 2TA S AOM
SO4

, but

= 1DIC S AOM
SO4

. The precipiation of carbonate minerales, CaCO3,
MgCO3 or CaMg(CO3)2 follows Reactions (7) and (8):

+ + ++ +Ca /Mg 2HCO Ca(Mg)CO CO H O2 2
3 3 2 2 (7)

+ + + ++ +Ca Mg 4HCO CaMg(CO ) 2CO 2H O2 2
3 3 2 2 2 (8)

If both calcium and magnesium uptake is due to the precipitation
processes described in Eqs. (7) and (8), DIC would decrease by 1, and
TA by 2 per mole calcium or magnesium, so that = = 1DIC

Ca
DIC
Mg , and

= = 2TA
Ca

TA
Mg . As all carbonate phases have an identical effect on DIC

and TA, we will refer to them as Ca(Mg)CO3 hereafter. Methanogenesis
by CO2 reduction, which is the dominant methanogenesis pathway in
marine sediments (Whiticar, 1999), follows Reaction (3) and (4). These
reactions result in net production of one mol of CO2 per one mol of CH4,
so that = 1DIC

CH4
, and = 0TA

CH4
. Methenogenesis by acetate fermentation

(CH3COOH➔ CH4+CO2) would have an identical effect on DIC and
TA.

Provided that OSR, S-AOM, Ca(Mg)CO3 precipitation and metha-
nogenesis are the dominant reactions affecting DIC and TA along a
certain depth of the sediment column, the shapes of their respective
profiles should reflect their net reaction rate. Therefore, the net reaction
rate of TA, at a given depth (z) can be expressed as:

= +

+

+

+

TA
t

2 SO OSR
t

2 SO S AOM
t

2 Ca
t

2 Mg
t

z

4
2

z

4
2

z

2

z
2

z (9)

Similarly, the net reaction rate of DIC, ( )DIC
t Z

at a specific depth can
be described as:

= +

+ +

+

+

DIC
t

2 SO OSR
t

SO S AOM
t

Ca
t

Mg
t

CH
t

z

4
2

z

4
2

z

2

z
2

z

4

z. (10)

The terms
+( )Ca

t z

2
,

+( )Mg
t z

2
, ( )z

CH
t

4 , ( )TA
t z

and ( )DIC
t z

were es-
timated using Eq. (6), from smoothed pore water profiles of calcium,

magnesium, methane, TA and DIC, respectively, leaving ( )SO OSR
t z

4
2

and ( )SO S AOM
t z

4
2

, as unknowns, which were calculated for each

depth using Eqs. (9) and (10). Because S-AOM would also affect the
methane profile, the term ( )CH

t z
4 was only used for positive values

(=net production of methane), and was nullified in the regions where it
showed negative values, which occurred only within the SMTZ. The
term ( )CH

t z
4 represents net methane production, rather than gross

methane production. We discuss the sensitivity of the calculated sulfate
reduction rates to this approxmation later in the text and in the SI.

Notably, there are two underlying assumptions to this approach.
The first is that the effect of reactions other than S-AOM, OSR, me-
thanogenesis and carbonate mineral precipitation on TA and DIC in the
pore water is negligible, and the second is that the variations in the
calcium and magnesium profiles result solely from carbonate mineral
precipitation. We discuss these assumptions and test the validity of our
results later in the text, as well as in the SI.

3. Field results

3.1. Pore water chemistry

Sulfate concentrations decreased with depth from bottom water
values typical for the Southeastern Mediterranean continental shelf
(approximately 30mM) to concentrations lower than the detection limit
(0.5mM) below 200 cm below the seafloor in pore water profiles from
both cruises. Methane concentrations increased with sediment depth to
a maximum of approximately 2–2.5mM (approximately 25% of sa-
turation levels (Duan and Mao, 2006)) at 300 cm (Fig. 2). Based upon
our definition (opposing gradients of pore water sulfate and methane),
the SMTZ was located between 100 and 270 cm in September 2015 and
between 80 and 210 cm in January 2017.

The DIC concentrations increased from 6mM at 15 cm to 24mM in
the SMTZ in September 2015, and from 3mM at 4 cm to 28mM at
95 cm in January 2017 (Fig. 2). The DIC maxima were accompanied by
δ13CDIC minima of −26.5‰ and −25.8‰. The TA profiles resembled
those of DIC, increasing from approximately 6mM near the seafloor to a
maximum 26mM at the SMTZ in September 2015, and from 4 to 27mM
in January 2017. Below the SMTZ, both DIC and TA decreased to ap-
proximately 10mM, whereas δ13CDIC increased to −15‰ (Fig. 2).
These variations may result from methanogenesis, which is also in-
dicated by the isotopic composition of the methane (δ13CCH4, SI Fig. 1)
and possibly by other processes, including sulfide oxidation. Processes
below the SMTZ are beyond the scope of this work and will not be
discussed further.

The concentrations of calcium decreased with depth, from 12mM at
the bottom water to 5mM at approximately 180 cm, and magnesium
decreased from approximately 60mM to 46mM over the same depth
range. On both cruises, a slope break (maximum in the second deri-
vative with depth) in both calcium and magnesium profiles was located
in the SMTZ.

A previuos study in SG1 (Sela-Adler et al., 2015) showed similar
trends in sulfate, methane DIC and δ13CDIC. The depth of SMTZ ob-
served by Sela-Adler et al. (2015), however, was approximatley
0–50 cm, suggesting high spatial heterogenity of the geochemical
properties of the pore water, as also evident from the differences be-
tween our results from September 2015 and January 2017. Studies at a
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site approximatly 90 km south of SG1 (Antler et al., 2015; Sela-Adler
et al., 2015) showed deeper SMTZ at approximatly 600 cm.

3.2. Solid-phase geochemistry

The sediment at station SG1 consists mainly of clays (ilite and
montmorilite) and albite, which constitute 50–70% of its weight (se-
diment composition was determined by X-ray diffraction, SI Fig. 2).
Quartz is also a significant constituent, composing 15%–25% of the
sediment. The porosity (SI Fig. 3) decreased from approximately 0.5 at
the sediment surface to 0.45 at 500 cm. The organic carbon content
was<1wt% throughout the cored sediment column (SI Fig. 4).

The carbonate mineral content (dry wt%) in SG1 varied between 4
and 6% (SI Fig. 5). The isotopic composition of CaCO3 (δ13CCaCO3)
showed an overall decrease of approximately 2.5‰ with depth. A
shallow decrease of roughly 1‰ was observed above and within the
SMTZ, and a further decrease of 0.8‰ at 350 cm (SI Fig. 6).

HCl-extractable iron (e.g. FeS, reactive iron oxides) showed a no-
table peak at center of the SMTZ, reaching 6–7 wt% at 150–200 cm
(Fig. 3). The concentrations rapidly declined at the bottom of the SMTZ,
reaching 1 wt% at 300 cm. HNO3-extractable iron (expected to consist

mostly of pyrite; Huerta-Diaz and Morse, 1990) showed two maxima,
one at the center of the SMTZ, reaching almost 1 wt%, and another
below the SMTZ, at 300–350 cm, reaching almost 2 wt%. The back-
geound levels, above the SMTZ and below 350 cm were approximetly
0.5 wt%.

4. Calculated S-AOM and OSR rates

In both September 2015 and January 2017, clear peaks of OSR and
S-AOM rates were observed. OSR rates peaked at 70 and 100 cm, and S-
AOM at 150–160 cm, in September 2015 and January 2017, respec-
tively (Fig. 4). In September 2015, both OSR and S-AOM reached ap-
proximately 0.3 ± 0.2 nmol cm−3 d−1 at their respective peaks; how-
ever, S-AOM declined to zero at 220cm, whereas OSR maintained
positive rates within and below the S-AOM zone, reaching zero only at
270 cm. In January 2017, the calculated OSR rate was higher than it
was in September 2015, peaking at 0.7 ± 0.2 nmol cm−3 d−1, whereas
S-AOM was 0.2 ± 0.1 nmol cm−3 d−1. Negative S-AOM rates, as well
as deep OSR and S-AOM peaks below the SMTZ were calculated. We
attribute these values to processes other than OSR, S-AOM and Ca
(Mg)CO3 precipitation, which also affect DIC and TA, but were not

Fig. 2. Pore water chemistry profiles from the Eastern Mediterranean continental shelf, as sampled in September 2015 (upper row) and January 2017 (lower row).
The grey zone represent the SMTZ region, defined here as the depth range in which methane and sulfate showed opposite vertical gradients. Notably, this depth range
also corresponds to the depth range in which measurable methane and sulfate are found, as well as to the TA, DIC maxima and δ13CDIC minima. The lines represent
the smoothed data used for reaction rate calculations (dashed for sulfate, DIC, TA and Ca, solid for methane and magnesium).
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accounted for by the assumptions underlying our method of calculation
(e.g. sulfide oxidation, and/or Fe(III) reduction). Therefore, throughout
the reminder of the text, we conservatively assume that our calculations
are valid only within the SMTZ. Note that the errors mentioned above
and throughout the rest of the text (30% for OSR rates, and 50% for S-
AOM rates) are based on sensitivity tests and error analyses, which are
described in detail in the SI, section 9.

In September 2015, the net sulfate flux into the SMTZ induced by
OSR was 12 ± 4 nmol cm−2 d−1 (Table 1, calculated by integrating
the OSR rates between 100 and 270 cm), and the flux induced by S-
AOM was 20 ± 10 nmol cm−2 d−1. In January 2017, the SMTZ

integrated (80–210 cm) sulfate reduction rate by OSR and S-AOM were
34 ± 8 and 20 ± 10 nmol cm−2 d−1, respectively.

4.1. Sulfate reduction rates calculated from pore water sulfate profiles

To validate the underlying assumptions of our calculations and to
test the accuracy of our calculated OSR and S-AOM rates (Fig. 4), we
first compare these rates to the corresponding sulfate consumption rates
calculated from the pore water concentration profile (Fig. 2). Since the
calculated OSR and S-AOM were expressed as net sulfate uptake rates,
the sum of these two reactions at a given depth (z) should be equal to
the net consumption of sulfate at the same depth:

= +SO
t

SO OSR
t

SO S AOM
t

4
2

z

4
2

z

4
2

z (11)

where ( )SO
t
4
2

is calculated according to Eq. (6), using the sulfate data

Fig. 3. Solid Fe-phases in SG1 extracted by HCl (FeS, reactive iron oxides) and
HNO3 (predominantly pyrite) Fe-phases in SG1. The grey zone represents the
SMTZ.

Fig. 4. Rates of sulfate reduction by oxidation of
organic material (OSR, black line) and by anaerobic
oxidation of methane (S-AOM, red line), as calcu-
lated from the DIC, TA calcium, magnesium and
methane data. In both datasets, OSR peaked above S-
AOM. The S-AOM peaks coincided with the sulfate
and methane gradients, as well as with the DIC and
TA maxima and the δ13CDIC minimum (Fig. 2). The
error bars are shown for every 20th data point and
reflect mainly the uncertainty associated with the
magnesium uptake mechanism and the rate of me-
thanogenesis (see supplementary information sec-
tion 9 for error estimation). The grey area represents
the SMTZ, in which opposing gradients of sulfate and
methane were present. The dashed lines above and
below the SMTZ indicate that the model assumptions
used for S-AOM and OSR calculations are not valid in
these depths of the sediment column. (For inter-
pretation of the references to colour in this figure
legend, the reader is referred to the web version of
this article.)

Table 1
Mass balance calculations in the sediment column.

September 2015 January 2017

a. SMTZ depth range used in calculations (cm bsfl)
100–270 80–210

b. Integrated sulfate reduction rates (nmol cm−2 d−1)
OSR 12 ± 4 34 ± 8
S-AOM 20 ± 10 20 ± 10
c. Fluxes into/out of the SMTZ (nmol cm−2 d−1)
FCa −8 ± 4 −10 ± 5
FMg −9 ± 4 −5 ± 2
FCH4 8 ± 4 3 ± 2
FDIC,TOP 30± 7 72 ± 17
FDIC,BOTTOM −18 ± 4 −27 ± 6
FDIC,IN 44 ± 15 87 ± 22
FDIC,OUT 35 ± 10 84 ± 20
d. δ13CDIC in the SMTZ
δOSR −20‰
δS-AOM −76‰ −85‰
δTOP −31‰ −30‰
δBOTTOM −30‰ −25‰
δDIC,IN −46‰ −35‰
δDIC,OUT −44‰ −34‰
e. Fractions of sulfate reduction and DIC contribution by OSR and S-AOM
fSO4,OSR 0.4 0.6
fDIC,OSR 0.5 0.8
fSO4,S-AOM 0.6 0.4
fDIC,S-AOM 0.5 0.2
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(Fig. 2). When the sum of the obtained S-AOM and OSR rate profiles is

compared to the profile of ( )SO
t
4
2

(Fig. 5), the two profiles are in good
agreement within the SMTZ, for the September 2015 data. In January
2017, the general trends agree, however, the OSR+S-AOM are smaller

than ( )SO
t
4
2

. We attribute this disagreement to the sampling resolu-
tion, which may have not captured the full extent of the OSR peak at
approximately 100 cm. The high DIC concentration at this depth
(Fig. 2), which exceeds the smoothed line used for the calculation
corroborates this explanation. Notably, these profiles are independent

of each other, because ( )SO OSR
t

4
2

and ( )SO S AOM
t

4
2

were calcu-
lated without using the sulfate data.

4.2. Comparison of calculated S-AOM fluxes to the methane flux

The stoichiometry of the S-AOM reaction (Eq. (2)) suggests a 1:1
ratio between the uptake of sulfate and the uptake of methane.
Therefore, to compare the calculated S-AOM rates with the diffusive
methane flux (FCH4) into the SMTZ, we compared the depth-integrated
S-AOM rates (fluxes) within the SMTZ with the methane fluxes into the
SMTZ, as calculated from the methane data (Fig. 2) using Eq.(5). For
both September and January, we used the depth interval between the
center of the SMTZ and the depth with the highest CH4 concentration at
the SMTZ bottom or immediately below. This selection yielded the
largest CH4 fluxes (FCH4) into the SMTZ. Nevertheless, the integrated S-
AOM rates were still considerably larger. In September 2015, FCH4

equaled 8 ± 4 nmol cm−2 d−1 (Table 1) and the integrated S-AOM was
20 ± 10 nmol cm−2 d−1. In January 2017, FCH4 was 3 ± 2, whereas
the integrated S-AOM 20 ± 10 nmol cm−2 d−1, respectively. We at-
tribute the lower FCH4 to de-gassing during the sampling, which re-
sulted in diminished methane gradients.

4.3. DIC and DI13C fluxes

To calculate the DIC flux induced by OSR, we integrated the OSR
rates along the SMTZ, and multiplied the result by two, according to the
reaction stoichiometry (Eq. (1)). In the case of S-AOM, we simply used
the integrated rates, since the DIC addition equals the sulfate con-
sumption (Eq. (2)). Therefore, the incoming DIC flux (FDIC,IN) is equal
to:

=F SO S AOM
t

2 SO OSR
t

DIC,IN bottom SMTZ

top SMTZ 4
2

z

bottom SMTZ

top SMTZ 4
2

z (12)

which yields 44± 15 nmol C cm−2 d−1 in September 2015 and
87 ± 22 nmol C cm−2 d−1 in January (Table 1). FDIC,IN can be com-
pared to sum of the diffusive fluxes leaving the SMTZ (FDIC,OUT):

=F F F F FDIC,OUT DIC
top

DIC
bottom

Ca Mg (13)

where FDICtop and FDICbottom are the diffusive DIC fluxes at the top and
bottom of the SMTZ, respectively, and FCa and FMg are the diffusive
fluxes of calcium and magnesium into the SMTZ, which were assumed
to represent Ca(Mg)CO3 precipitation. Using Eq. (5) to calculate the
diffusive fluxes, we obtain FDIC,OUT= 35 ± 10 and 84 ± 20 nmol C
cm−2 d−1 in September 2015 and January 2017 (respectively), which is
in good agreement with FDIC,IN obtained for both cruises (44± 15 in
September 2015 and 87 ± 22 in January 2017, Table 1). We note that
the precipitation of other carbonate minerals, namely siderite (FeCO3)
may constitue and additional sink term to Eq. (13), which might reduce
the difference between FDIC, IN and FDIC, OUT. Specifically, the pre-
cipitation of siderite can be estimated using the Poulton and Canfield
(2005) protocol for separating the HCl-extractable Fe to its sub-con-
stituents, which was not conducted as part of this study.

To calculate the 13C mass-balance in the SMTZ, we adopt the ap-
proach described by Komada et al. (2016). We first calculate the δ13C of
the DIC flux entering the SMTZ (flux divergence) after Eq. (14):

× =

+

F SO S AOM
t

2 SO OSR
t

DIC,IN DIC,IN bottom SMTZ

top SMTZ 4
2

S AOM

bottom SMTZ

top SMTZ 4
2

OSR
(14)

where δOSR and δS-AOM represent the δ13C values of the DIC flux into the
SMTZ, induced by OSR and S-AOM, respectively. We assign δOSR as
−20‰, roughly representing δ13C of marine organic material (Zeebe
and Wolf-Gladrow, 2001), and assume no isotopic fractionation during
OSR (Boehme et al., 1996; Goevert and Conrad, 2008; Londry and
Marais, 2003). δS-AOM is estimated from the slope of the
[CH4]× δ13Cmethane vs. [CH4] mixing-net reaction plot (Sayles and
Curry, 1988) (Fig. 6). δDIC,IN can be compared with the δ13CDIC of the
diffusive fluxes leaving the SMTZ:

Fig. 5. A comparison between the sum of sulfate
reduction rates by OSR and S-AOM as calculated
from the DIC and TA data (blue, solid line), and the
sulfate reduction rate as calculated from the pore
water sulfate profiles (green, solid line).The lines
above and below the SMTZ are dashed, as our un-
derlying assumptions for calculation of the sulfate
reduction rates are not valid at these depths. In Sep.
2015, the two lines were in agreement above
300 cm. In January 2017, sulfate reduction rates
calculated from DIC and TA are approximately 30%
lower than those calculated from sulfate data. This
disagreement, is likely due to underestimation of
OSR rates (see Section 4.1). (For interpretation of the
references to colour in this figure legend, the reader
is referred to the web version of this article.)
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=F F FDIC,OUT DIC,OUT DIC
top

top DIC
bottom

bottom (15)

where δtop and δbottom are the δ13CDIC fluxes at the top and bottom of
the SMTZ, respectively, as calculated from the DIC× δ13CDIC vs. DIC
mixing-net reaction plot of the relevant depths in the sediment (Fig. 6).
Eq. (14) yielded δDIC,IN of – 46and− 35‰ for September 2015 and
January 2017, respectiviely (Table 1). δDIC,OUT agreed with δDIC,IN
within 2‰. The variations induced by considering isotopic fractiona-
tion (ε) during Ca(Mg)CO3 precipitation, with ε =3‰ (Zeebe and
Wolf-Gladrow, 2001) were lower than the uncertainties induced by
other parameters, therefore we assumed that Ca(Mg)CO3 precipitation
does not fractionate C isotopes.

5. Discussion

The use of DIC, TA, methane, calcium and magnesium yielded re-
liable calculations of net sulfate reduction rates. Pore water sulfate
profiles (Fig. 2) showed a clear signature of sulfate consumption within
the SMTZ. In addition, the decrease in calcium and magnesium con-
centrations (Fig. 2), the decrease in δ13CCaCO3 (SI Fig. 6) and the high
saturation levels for carbonate minerals (SI Fig. 7) indicated that car-
bonate minerals precipitate from the 13C-depleted DIC pool in the pore
water of SG1. The S-AOM and OSR rates (Fig. 4) calculated from TA and
DIC peaked within and above the SMTZ (respectively) and agreed with
the total sulfate reduction rate calculated independently from the sul-
fate profiles (Fig. 5). The integrated reaction rates within the SMTZ (i.e.
the fluxes) were in good agreement with the bulk fluxes of DIC, and
with the 13C fluxes calculated from the DIC and δ13C data (Table 1).

5.1. Comparison of fluxes and reaction rates in the Southeastern
Mediterranean sediments to other systems

Our calculations show that within the SMTZ, S-AOM and OSR re-
duce approximately an equal fraction of the sulfur (Table 1). A nearly
equal fraction of sulfate reduced by S-AOM and OSR was also estimated
for the SMTZ at the Santa Barbara Basin (Berelson et al., 2005; Komada
et al., 2016). Furthermore, the maximum OSR (0.8 nmol cm−3 day−1)

and S-AOM (0.3 nmol cm−3 day−1) rates we calculated (Fig. 4) are si-
milar to the rates calculated from sulfate and methane profiles in se-
diments from the Black Sea and Limfjorden (Jørgensen and Parkes,
2010; Jørgensen et al., 2001). Although these systems have different
characteristics, for example with respect to TOC (range 4–15 wt%),
oxygen penetration depth (range 0–6mm) and sedimentation rate
(range 0.2–4 cm yr−1) (Jørgensen, 1977; Leventhal, 1983; Reimers
et al., 1996) and furthermore differ from our study site (TOC=0.5 wt%
(SI Fig. 4), sedimentation rate= 10mm yr−1 (Bareket et al., 2016)),
the general agreement between our results and those from the previous
studies demonstrates that our method yields reasonable results that fall
within previously determined ranges for these processes.

In spite of the fact that the Southeastern Mediterranean basin is an
ultra-oligotrophic basin, with relatively high deep water oxygen con-
centrations (Kress and Herut, 2001), the sulfate reduction rates we
calculated in the SMTZ at SG1 resemble rates calculated for anoxic and/
or eutrophic regions. The similarity between sulfate reduction rates in
the ultra-oligotrophic Southeastern Mediterranean and these eutrophic
regions suggests that “external” methane, which is not the product of
degradation of organic material originating in the water column but
rather derives from deeper deposits, provides an important source of
reducing power to the SMTZ. Such deep methane deposits and upward
fluxes are common in many continental margins (e.g. (Milkov and
Sassen, 2002; Milkov, 2004; Paull et al., 2008; Zhang and Lanoil,
2004)).

5.2. The fate of sulfide in the SMTZ of SG1

Despite ongoing sulfate reduction, no sulfide was detected in the
SMTZ or in any other part of the sediment column. Furthermore, sulfate
concentrations in the SMTZ decreased below the detection limit. Taken
together, this indicates that the net sulfide consumption is equal to
sulfate reduction; that is, S-AOM+OSR. The further reaction of sulfide
produced from sulfate reduction from either OSR or S-AOM would af-
fect the pore water TA, and therefore Eq. (9) can be generalized to Eq.
(16), such that it will account for these reactions,

Fig. 6. Mixing/net-reaction plots for DIC and methane in the SMTZ. The y-axis represents the product of the concentration (DIC or methane) and its isotopic
composition (δ13CDIC or δ13CCH4). The x-axis is the corresponding concentration. The slope of each plot represents the isotopic δ13C value of the carbon entering or
leaving the SMTZ (Komada et al., 2016; Sayles, 1979). Note that DIC fluxes from the SMTZ extend both upward (red diamonds) and downward (black circles), with a
different slope per each flux. (For interpretation of the references to colour in this figure legend, the reader is referred to the web version of this article.)
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where the coefficient α accounts not only for the effects of OSR and S-
AOM on TA, but also for the net effect of the following sulfide oxidation
processes.

One of the main processes in the sulfur cycle of marine sediments
that removes sulfide from pore water is the formation of pyrite (Fike
et al., 2015 and references therein). In marine sediments, pyrite for-
mation likely proceeds predominately through the net reaction of zero-
valent sulfur (likely as polysulfide) with iron (c.f.Rickard and Luther
(2007); Eq. (17)).

+ + ++ +Fe HS S FeS H2 0
2 (17)

This reaction effectively removes 2 units of TA for every unit of
pyrite formed. In order for S0 to be formed, however, sulfide produced
via sulfate reduction must first be oxidized. This can occur biologically,
or abiotically via reaction with iron oxides (Eq. (18)) (Findlay et al.,
2014; Yao and Millero, 1993, 1996),

+ + + ++ +2 FeOOH HS 5H 2 Fe S 4 H O2 0
2 (18)

Sulfide oxidation by this reaction increases TA (+4 units) through
the consumption of protons. If Eq. (18) is coupled to pyrite formation,
which is likely in most sediments, pyrite formation results in a net in-
crease in TA of 2 stoichiometric units (Eq. (19)).

+ + + ++ +2 FeOOH 2 HS 4H FeS Fe 4 H O2
2

2 (19)

Another possible pathway for pyrite formation is the reaction of FeS
with H2S; however, this pathway is not expected to dominate in marine
sediments at circum-neutral pH (Rickard and Luther, 2007).

Sulfide can also react with the reduced iron to form FeS via Eq. (20):

+ ++ +Fe HS FeS H2 (20)

which removes two units of alkalinity.
Therefore, returning to Eq. (16), if a mole unit of sulfate is reduced

by either OSR or S-AOM and then oxidized by iron-oxide (Eq. (18)), α
will equal six. If its reduction by S-AOM or OSR is followed by reaction
of iron to form either pyrite or iron sulfide (Eqs. (17) and (20), re-
spectiviely), α will equal zero. Assuming that all sulfide consumption in
the SMTZ is carried by either of these processes, the relations between α
and the net reduction and oxidation reactions of sulfur can be described
by Eq. (21),

= × + ×2 2 f 4 (1 f )precip precip (21)

where 2 is the stoichimetric coefficent of either OSR or S-AOM on TA,
fprecip is the fraction of the reduced sulfur which is fixed as either pyrite
or FeS, and (1- fprecip) is the fraction of sulfide that is converted to S0 by
reaction with iron-oxide.

Fig. 7 shows the integrated OSR and S-AOM rates in the SMTZ, as a
function of fprecip. Only when fprecip is between 0.5 and 0.7, the in-
tegrated rates of both OSR and S-AOM in the SMTZ are positive. Be-
cause negative integrated rates of either processes are highly unlikely,
we assume that 0.5–0.7 represents the probable values of fprecip. This
range can also be tested by examining the 13C mass balance. The choice
of fprecip changes δDIC,IN (Fig. 7), but does not affect δDIC,OUT, which
depends mainly on the DIC and δ13CDIC profiles. The best agreement
between δDIC,IN and δDIC,OUT is obtained at fprecip= 0.65. We therefore
estimate that of the reduced sulfate, 65 ± 10% precipitates as FeS and
pyrite, both of which are above saturation (SI Fig. 7) while the re-
maining 35 ± 10% is oxidized and precipitates as S0. Regretfully, we
did not break down the HCl-extractable fraction to its sub-constitutents
(Poulton and Canfield, 2005), and consequently we cannot verify that
the HCl-exctractable peak in the SMTZ (Fig. 3) is indeed FeS. However,
the low rates of pyrite precipitation (SI Fig. 12) and the high degree of

FeS supersaturation (SI Fig. 7) we estimated for the SMTZ, support our
suggestion that the majority of the reduced sulfate in the SMTZ even-
tually precipitates as FeS.

5.3. Total alkalinity as a proxy for sulfate reduction rates

The agreement between the sulfate reduction rates we calculated
using TA and DIC (with corrections for Ca2+ and Mg2+) and the rates
and fluxes calculated from independent proxies (SO4

2−, Fig. 5 and
δ13C, Table 1) demonstrate that TA can be used as a quantitative proxy
for sulfate reduction rates, beyond its common use as a diagnostic tool
to identify the dominant processes in pore waters. The main advantages
of TA as such a proxy are its low sensitivity to gas-exchange during the
sampling and the high-quality data (precision of approximately 0.1%)
that it yields with relatively common equipment. It should be noted,
however, that the decrease in pressure and increase in temperature that
the sediment experiences during recovery might lead to an increase in
the saturation level for carbonate minerals (Ω= [Ca2+][CO3

2−]/KSP,
where KSP is the stoichiometric solubility product for either calcite or
aragonite), and consequently, to a decrease in TA due to precipitation
(e.g. (Sauvage et al., 2014; Sayles and Manheim, 1975)). This process,
however, has little effect in pore water from shallow to intermediate
depths. For example, Ω values for calcite and aragonite in the pore
water from SG1 (SI Fig. 7) experience an increase of< 5% during their
extraction from a depth of 80m and temperature of 16 °C to surface at
20 °C (this calculation was conducted with a modified version of the
CO2sys program, which accounts for Si(OH)4, soluble reactive phos-
phate as well as for NH3 (SI Fig. 10) and H2S (Pierrot et al., 2006; Xu
et al., 2017). In light of these advantages and the results we presented
here, we suggest that TA profiles, along with DIC, Ca2+, Mg2+ and CH4

can be used in future studies to estimate net sulfate reduction rates.

6. Conclusions

In this study, we propose that TA can be applied to disentangle and
quantify sulfate reduction rates in marine sediments. We demonstrate
such an application in the Mediterranean continental shelf, where,

Fig. 7. The effect of the fraction of sulfide that precipitates as pyrite and FeS
(fprecip) on the sulfate flux into the SMTZ from OSR and S-AOM (top panel), and
on the difference between the δ13C fluxes in and out of the SMTZ (bottom
panel). The calculation was done for the September 2015 dataset. Positive
sulfate reduction rates are obtained when fprecip= 0.65 ± 0.1. At this values,
the δ13C fluxes to the SMTZ are at optimal agreement.
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using calculations based upon the different effects that OSR and S-AOM
have on TA and DIC concentrations, we calculated that an equal frac-
tion of sulfate is reduced by both pathways within the SMTZ. These
calculated S-AOM and OSR rates are similar to rates reported in other
studies based on sulfate fluxes. As sulfide was not detected in the pore
water, despite sulfate reduction, TA and DIC profiles are likely affected
by the further reaction of sulfide produced during sulfate reduction
either through oxidation or pyrite formation. We roughly estimate that
the majority of the sulfide produced by sulfate reduction precipitates as
iron sulfide minerals. In light of our results, and the analytical ad-
vantages of TA, we suggest that TA profiles can be used to estimate of
sulfate reduction rates in marine sediments.
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